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ABSTRACT

The Paleocene–Eocene Thermal Maximum (PETM; 55 Ma) is of particular interest since it is regarded as

a suitable analog to future climate change. In this study, the PETM climate is investigated using the Com-

munity Climate System Model (CCSM3) with atmospheric CO2 concentrations of 43, 83, and 163 the

preindustrial value.

Simulated climate change from 43 to 83 atmospheric CO2 concentration, possibly corresponding to an

environmental precursor of the PETM event, leads to a warming of the North Atlantic Ocean Intermediate-

Water masses, thus lowering the critical depth for methane hydrate destabilization by ;500 m. A further

increase from 83 to 163CO2, analogous to a possible massive methane hydrate release, results in global

oceanic warming and stratification. The increase in the radiative surface warming, especially at high latitudes,

is partially offset by a decrease in the ocean heat transport due to a reduced overturning circulation. Surface

temperature values simulated in the 163CO2 PETM run represent the closest match to surface temperature

reconstructions from proxies for this period.

Simulated PETM precipitation, characterized by a slight northward shift of the intertropical convergence

zone, increases at higher CO2 concentrations, especially for the northern midlatitudes as well as the high

latitudes in both hemispheres. Data-inferred precipitation values and gradients for North America and Spain,

for instance, are in good agreement with the 163CO2 simulation. Increasing atmospheric CO2 concentrations

might also have favored the release of terrestrial methane through warmer and wetter conditions over land,

thus reinforcing the greenhouse gas concentration increase.

1. Introduction

Superimposed on a long-term warming trend from the

late Paleocene through the early Eocene is a prominent

global hyperthermal at the Paleocene–Eocene boundary

(55 Ma), referred to as the Paleocene–Eocene Thermal

Maximum (PETM). Surface temperatures increased by

58C in the tropics (Tripati and Elderfield 2005; Zachos

et al. 2005) and midlatitudes (Wing et al. 2005) and by

68–88C in the Arctic and sub-Antarctic (Kennett and

Stott 1991; Thomas et al. 2000; Sluijs et al. 2006; Hollis

et al. 2009) and deep-sea temperatures increased by

48–68C (Tripati and Elderfield 2005) relative to Paleo-

cene temperatures (see Fig. 1). At the same time, global

humidity and precipitation patterns changed (Robert

and Kennett 1994; Wing et al. 2005; Pagani et al. 2006a;

Brinkhuis et al. 2006; Sluijs et al. 2008a), as well as
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deep-sea circulation patterns (Nunes and Norris 2006;

Thomas 2003). The PETM is marked by a major (.3.0 &)

negative carbon isotope excursion, documented in ma-

rine and terrestrial fossils (e.g., Koch et al. 1992; Kelly

et al. 1998; Handley et al. 2008), and a worldwide sea-

floor carbonate dissolution horizon (e.g., Bralower et al.

1997; Lu et al. 1998; Schmitz et al. 1996; Thomas et al.

2000), as well as shoaling of the lysocline and carbonate

compensation depth (Zachos et al. 2005). These char-

acteristics are consistent with the release of more than

2000 PgC of isotopically depleted carbon into the ocean–

atmosphere system within less than 10 000 years (Zachos

et al. 2007, 2008), pointing to a greenhouse gas–driven

warming. Hence, the PETM is regarded as a suitable

analog for future climate change and carbon uptake and

is of particular interest for evaluating the theoretical

understanding of the complex processes that govern the

interactions between climate and biogeochemical cycles

in response to extreme radiative forcing.

The causes for the sudden warming at the Paleocene–

Eocene boundary are still controversial. The 13C-depleted

carbon (in the form of CO2 and/or CH4) may have been

injected into the global exogenic carbon pool from the

sea floor (Dickens et al. 1995, 1997; Higgins and Schrag

2006; Pagani et al. 2006b) or from wetlands (Pancost

et al. 2007). One possible sequence of events consists of

relatively rapid bottom-water warming during the Late

Paleocene, possibly driven by a volcanism-induced green-

house gas increase, that triggered a massive release of

methane hydrates and thus caused the rapid climate

change at the PETM (Sluijs et al. 2007a).

Greenhouse gas sensitivity experiments with atmo-

sphere (Sloan and Rea 1996; Huber and Sloan 1999;

Shellito et al. 2003), ocean (Bice et al. 2000; Bice and

Marotzke 2002), or coupled atmosphere and ocean (Huber

and Sloan 2001; Huber and Caballero 2003; Shellito

et al. 2009) general circulation models have been used

to simulate the mean climate and its variability during

the Eocene, but these studies have not been able to re-

produce the high temperatures of the PETM and the

early Eocene, nor have they been able to provide insight

regarding the cause of this warming.

Here, we use the comprehensive Community Climate

System Model version 3 (CCSM3) (Collins et al. 2006a)

FIG. 1. Geographical reconstruction for the PETM from the PALEOMAP Project (see www.scotese.com). Boxes indicate re-

constructed surface temperatures across the Paleocene–Eocene boundary and temperature anomalies relative to Paleocene background

temperatures (Shackleton and Kennett 1975; Thomas et al. 1999; Wing et al. 2005; Tripati and Elderfield 2005; Bralower et al. 2006;

Zachos et al. 2004, 2006; Sluijs et al. 2006, 2007b, 2008a; Pearson et al. 2007; Ivany et al. 2008; Hollis et al. 2009). Filled circles denote

differences between temperature reconstructions and the 83CO2 PETM model simulation. Fossil locations taken from Markwick (1997).
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to explore the hypothesis that changes in intermediate-

or deep-water formation in the subtropics (Kennett and

Stott 1991) or at high latitudes (Bice and Marotzke 2002)

might have facilitated methane hydrate destabilization.

We also assess the response of atmospheric and oceanic

dynamics to large changes in radiative forcing at the PETM

and compare model output with climate proxies from this

time to determine whether an updated model can produce a

better match with proxies than previous modeling studies.

2. Model description and forcing

a. CCSM3

The National Center for Atmospheric Research CCSM3

is a global, coupled climate model including the ocean,

atmosphere, sea ice, and land surface. Model details are

given elsewhere (Collins et al. 2006a; Yeager et al. 2006,

and references therein). The atmospheric general cir-

culation model, the Community Atmosphere Model ver-

sion 3 (CAM3), is a primitive equation model with spectral

horizontal resolution of T31, corresponding to an equiv-

alent grid spacing of approximately 3.758 in latitude and

longitude and with 26 vertical unevenly spaced terrain-

following levels (Collins et al. 2006b). The atmospheric

component is connected via the coupler to a land surface

model, the Community Land Model (CLM3.0) with a

resolution of 28 3 28 (Oleson et al. 2004) and without

dynamic vegetation. The land surface model includes a

river routing scheme that computes the direction of river

runoff at each gridpoint from the orography under the

assumption that all rivers drain into the ocean. The ocean

general circulation model is the NCAR Parallel Ocean

Program version 1.4 (POP1.4), a primitive equation model

in spherical polar coordinates with dipole grids resolved

horizontally 3 3 (100 3 116 points) and with 25 layers in

the vertical coordinate (Gent et al. 2006). The sea ice

model is a thermodynamic model with subgrid parame-

terization of ice thickness and elastic viscous rheology

(Briegleb et al. 2004; Holland et al. 2006). Its horizontal

and vertical resolution is the same as in POP1.4.

b. Paleogeography and vegetation

The PETM geography has been updated from Shellito

and Sloan (2006), following Sewall et al. (2000, see Figs. 1

and 2). A prescribed land surface cover with 15 different

vegetation types, taken from Shellito and Sloan (2006,

supplemental document A available at the Journals Online

Web site: http://dx.doi.org/10.1175/2009JCLI3113.s1), is

applied. Seaways from the Arctic to the open ocean are

not resolved and were therefore closed in previous sim-

ulations. Here, a marginal sea parameterization (Smith

and Gent 2004) has been introduced for the Arctic Ocean

to balance its freshwater fluxes. The amount of excess or

deficit of the local freshwater balance over the dynamically

active Arctic Ocean is transported to or from the adjacent

northeastern Tethys. This parameterization assures that

volume-mean salinity of the marginal sea remains constant

so that unreasonable salinity values are avoided. Eustatic

sea level rise at the PETM may have played an important

role in establishing connections between the Arctic and

the world oceans (Sluijs et al. 2008b). In this study, the

main Arctic exchange of freshwater is assumed to have

occurred across the Turgay Strait to the Tethys (e.g.,

Iakokleva et al. 2001; Brinkhuis et al. 2006). The Bering

Strait was probably closed (Lyle et al. 2008; Marincovich

and Gladenkov 1999) and the Arctic–Atlantic connec-

tion was affected by strong volcanic activity in the North

Atlantic Igneous Province (e.g., Maclennan and Jones

2006; Storey et al. 2007, and references therein).

c. Radiative forcing

Consistent with calculations by Boothroyd (see Caldeira

and Kasting 1992), a solar constant of 1362 W m22 for

the PETM is employed, corresponding to a reduction of

the present-day solar constant by 0.44%. The decrease

of the earth’s rotation rate with time has been estimated

from paleontological analysis (Scrutton 1978) and tidal

analysis (Williams et al. 1997). However, changes from

the PETM to present are smaller than 3% and are ne-

glected in CCSM. As assumed in earlier studies for the

Eocene (Shellito et al. 2003; Huber and Sloan 2001), a

circular orbit of the earth around the sun (eccentricity 5 0)

and an obliquity (axial tilt) of 23.58 have been applied.

This setting causes an equal receipt of solar insolation

for both hemispheres.

Reconstructions of greenhouse gas concentrations

[based on carbon isotope excursions and boron isotopes

in sedimentary records, e.g., Pearson and Palmer (2000);

Yapp (2004); Royer et al. (2007); Zachos et al. (2008)

and references therein] indicate PETM atmospheric

CO2 levels within a range of 1000 to 4000 ppmv. There-

fore, three sensitivity experiments have been carried out

(one with 4, one with 8, and one with 16 times the pre-

industrial CO2 level of 280 ppmv). These CO2 levels

correspond to a radiative forcing of about 8.7 W m22

(43CO2), 13.1 W m22 (83CO2), and 17.5 W m22

(163CO2), respectively (Table 1) (Houghton et al. 2001;

Ramaswamy et al. 2001). The increase from 43CO2 to

163CO2 would have been equivalent to a total injection

of 6700 GtC, corresponding to the estimated carbon pulse

required to reproduce seafloor carbonate dissolution, as

suggested by a modeling study of Panchuk et al. (2008).

d. Initialization of the PETM simulations

The PETM simulations are started from a global

temperature and salinity profile derived from a previous
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560-yr 83CO2 Eocene simulation. CCSM3 is integrated

with improved geography (section 2d) for 1500 years for

the 43CO2, 83CO2, and 163CO2 simulations. This in-

tegration time corresponds to the adjustment time of the

radiocarbon tracer in the present-day ocean. The simu-

lated surface climate adjusts after about 200 years, but

a small drift remains in the deep sea after 1500 years of

integration (see section 4c for model adjustment). For

present-day simulations, CCSM3 produces stable cli-

mate simulations of millennial duration without ad hoc

adjustments to the fluxes exchanged among the com-

ponent models (see Collins et al. 2006a).

3. Results from PETM simulations (atmosphere)

a. Surface temperature

The effective difference in radiative forcing between

the PETM 83CO2 and the present-day simulation with

CCSM3 [described in Yeager et al. (2006) and Otto-

Bliesner et al. (2006) and used hereafter for comparison]

amounts to 11.6 W m22 (Table 1). The PETM orbital

parameter settings yield a change of solar radiation of

20 W m22 in the northern polar region during summer

and a similar negative change in fall, relative to the

present-day simulation (Fig. 2). In the Southern Hemi-

sphere, the maximum change relative to the present-day

simulation is 30 W m22 for October, and the most neg-

ative change is ;220 W m22 (during January).

Mean global surface temperature for the PETM

83CO2 simulation is 23.58C. The difference between the

PETM 83CO2 simulation and the present-day simula-

tion is 9.38C, and the respective differences between

83CO2 and 43CO2 and between 163CO2 and 83CO2

are 12.58 and 12.88C (Table 1). All PETM experiments

yield significantly higher zonal average surface air tem-

peratures than the present-day experiment, especially at

high latitudes (Fig. 3). The lower than present-day sim-

ulated pole-to-equator temperature gradient in a high

CO2 world is consistent with previous studies (e.g., Sloan

and Barron 1992; Sloan and Rea 1996; Shellito et al.

2003; Weijers et al. 2007). Mean annual temperatures

for the two higher CO2 simulations are above freezing

near the North Pole (48C for 83CO2, 88C for 163CO2)

and the South Pole (28C for 83CO2, 68C for 163CO2).

Significant differences between the present-day and the

PETM simulations are related to higher greenhouse gas

concentrations, a reduced ice albedo feedback, lower

elevations due to the absence of ice sheets in Antarctica

and Greenland (Oglesby 1989), the positions of conti-

nents (e.g., a more poleward position of Australia), and

associated changes in the ocean currents (see section 4a).

Tropical temperatures for the three scenarios are about

308C (43CO2), 328C (83CO2), and 348C (163CO2).

The increase in tropical temperature with an increase

in the CO2 radiative forcing predicted in this study

contradicts the concept of the thermostat hypothesis

(Ramanathan and Collins 1991), which assumes that an

enhanced cloud albedo effect with increased greenhouse

gas forcing has a stabilizing effect on sea surface tem-

perature [see, e.g., Pierrehumbert (1995) for a detailed

discussion]. Recently, warm tropical temperatures of

FIG. 2. Difference in incoming solar radiation (W m22) between

PETM orbital configuration (see text) and the present day as

a function of month and latitude.

TABLE 1. Results from the PETM CCSM simulations (global and annual averages, unless otherwise noted). For present day (PD), see

also Otto-Bliesner et al. (2006). The direct CO2 radiative forcing at the tropopause is calculated as FCO2 5 6.3 ln(pCO2/pCO2ref) (W m22)

with the preindustrial CO2 partial pressure pCO2ref 5 280 ppmv (see Houghton et al. 1990).

Expt

Atm. CO2 conc.

(ppmv)

Direct CO2 rad.

forcing (W m22)

SAT global

(8C)

SAT land

(8C)

SST

(8C)

Precip. global

(mm day21)

Precip. land

(mm day21)

Aice

(%)

PD 355 1.5 14.14 7.79 19.37 2.71 1.96 26.60

PETM 43CO2 1120 8.7 20.97 17.20 22.66 3.18 2.91 3.72

PETM 83CO2 2240 13.1 23.45 20.26 24.58 3.33 3.18 0.03

PETM 163CO2 4480 17.5 26.23 23.78 27.18 3.49 3.41 0.00
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308–348C for the Late Paleocene (58–60 Myr B.P.) have

been inferred from fossil remains of a giant boid snake

from the Cerrejón Formation in northeastern Colombia

(Head et al. 2009). These findings also suggest that at the

PETM and during the early Eocene, tropical tempera-

tures in South America may have been significantly

higher than today, in agreement with our model results

(Fig. 1 and Table 2, similar to Fig. 1 in Huber 2009).

Maximum temperatures (;508C for 83CO2) are sim-

ulated over subtropical Africa and South America in all

PETM experiments, resulting in warm sea surface tem-

peratures in the adjacent oceans through advection.

Over the continents, the 308C isotherms in the 83CO2

simulation reach up to 308 latitude, about 58 more pole-

ward than those in the present-day simulation (Fig. 4a).

Mean annual surface temperature values simulated

for the approximate paleolocation of the Bighorn Basin

(Wyoming) are 9.58C for the 83CO2 experiment, and

2.48C cooler and 3.58C warmer for the 43CO2 and

163CO2 experiments, respectively (Figs. 4c,d and Table 2).

All simulated temperatures lie below the reconstructed

temperatures of 208 to 268C inferred from leaf margin

analysis (Wing et al. 2005) and d18O proxies (Fricke and

Wing 2004), with the smallest bias reached by the

163CO2 simulation. The highest maximum surface tem-

peratures are simulated over South America and Africa

(Fig. 4b), exceeding 508C in central South Africa. Simu-

lated minimum surface temperatures (83CO2) are be-

tween 38 and 78C over the Arctic and about 2108C over

northeast Asia. The Arctic region in the 43CO2 scenario

(Fig. 4c) is up to ;38C cooler than in the 83CO2 run,

likely due to sea ice albedo effects in winter.

Remarkable temperature increases are simulated for

the doubling of CO2 from 83CO2 to 163CO2 of up to

58C over South America and South Africa and over the

Arctic (Fig. 4d). These areas are characterized by high

absorbance of solar radiation through warm C4 grass

and savanna-type vegetation, leading to a relatively low

latent heat flux (,60 W m22). In addition, latent heat

flux over the ocean is significantly higher in a high CO2

world (Manabe et al. 1991). Both of these effects con-

tribute to a strong land 2 sea temperature contrast in these

areas, especially in the 163CO2 simulation. Southern

Ocean water masses moderate the climate over the po-

lar Southern Hemisphere so that south of 608 the tem-

perature increase in response to the increase of CO2

radiative forcing is only ;2.58–4.58C.

TABLE 2. Surface temperatures from data and modeled temperatures (annual average as well as summer values, corresponding to a July

average in the NH and January average in the SH) for locations shown in Fig. 1 (see also for references). Paleolocations have been

calculated using the PointTracker software by C. Scotese.

Annual average Summer

Name Paleolocation

Data

(8C) Age

43CO2

(8C)

83CO2

(8C)

163CO2

(8C)

43CO2

(8C)

83CO2

(8C)

163CO2

(8C)

DSDP 277 ;60.68S, 170.78W ;20 ;51 Ma 8.1 11.7 14.8 10.8 15.8 19.2

Waipara River ;52.18S, 160.88W 30–37 ;51 Ma 11.5 14.3 16.7 13.7 18.8 20.8

Seymour Island ;63.48S, 64.18W 6–18 ;54–53 Ma 7.4 10.9 13.9 11.5 15.5 19.0

ODP 690 ;65.78S, 7.28W 17–20 PETM 8.4 11.9 15.1 12.7 16.6 19.9

Wilson Lake ;39.78N, 57.38W 33 PETM 23.3 25.1 27.5 27.2 29.2 31.4

IODP 302 ;81.58N, 42.68E 23 PETM 20.7 3.2 7.2 0.6 6.6 10.8

ODP 865 ;8.38N, 151.48W 32–35 PETM 30.0 31.6 33.8 30.1 31.8 33.9

ODP 1209 ;23.68N, 171.18W 33–35 PETM 26.5 28.1 30.5 27.8 29.7 32.2

Tanzania ;19.28S, 30.98E 30–34 PETM 28.6 30.9 33.4 30.7 33.0 35.2

Bighorn Basin ;49.08N, 89.58W 20–26 PETM 7.1 9.5 13.0 19.3 22.9 28.5

Cerrejón Formation ;8.48N, 60.08W 30–34 ;58 Ma 29.0 31.2 33.5 29.2 31.4 33.5

FIG. 3. Zonally averaged (50-yr mean) surface air temperature

(8C) for present day (solid), 43CO2 PETM (long dashed), 83CO2

PETM (short dashed), and 163CO2 PETM (dashed–dotted).
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b. Vertical temperature

The effect of an increase in greenhouse gas forcing on

the vertical temperature structure is expected to be sim-

ilar to future climate change simulations (Solomon et al.

2007) and previous Eocene simulations (Sloan and Rea

1996). In comparison to the present-day run, the 83CO2

PETM simulation predicts a warmer troposphere in re-

sponse to radiative heating (with more intense warming

near the surface in the Northern Hemisphere related to

its larger land fraction). This simulation also produces

a decrease in stratosphere temperatures, associated with

a net radiative cooling to space by greenhouse gases. For

the 83CO2 PETM simulation, the maximum increase in

the tropospheric temperature relative to present-day is

28.78C (not shown) in the upper tropical troposphere.

With an increase in the atmospheric CO2 radiative

forcing from 43CO2 to 83CO2, the maximum upper

troposphere temperature in the tropics at ;12-km alti-

tude increases by up to 5.18C and from 83CO2 to

163CO2 by up to 6.18C. The most significant strato-

sphere cooling in the 83CO2 simulation relative to

present-day is by 16.68C in the Arctic at an altitude of

;20 km. The midstratosphere cooling pattern can be

linked to the widening of the tropical belt and the en-

hanced vapor transport into the stratosphere (Seidel et al.

2008). Cooling in the middle stratosphere increases by up

to 2.48C for a CO2 doubling from 83CO2 to 163CO2 and

by up to 3.58C for a CO2 quadrupling from 43CO2 to

163CO2, with maximal differences near 608S.

c. Precipitation and evaporation

Overall, PETM precipitation slightly increases (and

evaporation minus precipitation slightly decreases, Fig. 5)

in mid to high latitudes with increased surface temper-

atures in response to CO2 radiative forcing (as also in-

ferred by Sloan and Rea 1996 and Shellito et al. 2003).

One area with high precipitation sensitivity is the trop-

ical region (Fig. 5), predominantly reflecting the slightly

northward-shifted intertropical convergence zone, which

is strong for the PETM simulations over the Pacific and

Indian Oceans (see Fig. 6 for 83CO2). The difference in

FIG. 4. (a) Surface air temperature (SAT) (50-yr mean), (b) maximum surface air temperature for the 83CO2 PETM experiment, and

temperature differences (c) between the 83CO2 and 43CO2 and (d) between the 163CO2 and 83CO2 PETM experiments.
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PETM to present-day precipitation can be attributed to

changes in the radiative forcing, vegetation cover, and

geography. The geographic effect has been investigated

by Barron et al. (1989), who argued that a higher than

present-day ratio of tropical land to ocean area, at the

PETM, reduces the tropical ocean surface and hence the

oceanic source of atmospheric moisture. This significantly

reduces not only tropical precipitation but also poleward

moisture transport from the tropics.

Sedimentary records from the midlatitudes of the

North American continent have produced conflicting ev-

idence for hydrological changes in this region. Based

on the assumption of carbon isotope excursion amplifi-

cation in soil organic matter from Wyoming, also from

Spain and China, Bowen et al. (2004) calculated an ;25%

increase in relative humidity for the northern continental

midlatitudes in order to explain the offset in carbon

isotope excursion values between marine and terrestrial

records at the PETM. Wing et al. (2005), on the other

hand, used vegetation analysis (based on leaf area)

for the North American midlatitude location (Bighorn

Basin, Wyoming) and inferred a decrease of ;40% in

precipitation at the beginning of the PETM (yielding

mean annual precipitation values of 41 or 80 cm) and an

increase later during the PETM event (yielding mean

annual precipitation values of 144 or 132 cm). Recently,

Bowen and Bowen (2008) deduced drier PETM condi-

tions for a location in Utah, situated approximately

500 km south of the Wyoming location, and suggested

that precipitation was diverted from mid to high lati-

tudes. These findings are, however, controversial since

Retallack (2005) reconstructed a precipitation increase

for the PETM at a nearby location in Utah, with annual

values of 663 6 147 mm (see also Retallack 2009; Bowen

and Bowen 2009). Our study shows a slight increase in

precipitation in the midlatitudes with increasing green-

house gas concentrations from 43CO2 to 163CO2 (Figs.

5 and 6) but does not explain the significant change in

humidity as suggested by Bowen et al. (2004). The

simulated precipitation values of ;1–2 mm day21 in the

Wyoming area for the 83CO2 experiment (Fig. 6a) are

at the lower end of the Wing et al. (2005) estimates,

whereas the slightly increased values for the 163CO2

simulation (Fig. 7b) are in better agreement with these

data. For the Utah region, our simulated values in the

83CO2 experiment are ;2–3 mm day21 (Fig. 6a). Con-

trary to the Bowen and Bowen (2008) proposition, the

simulated precipitation amounts decrease from lower to

higher midlatitudes in North America, mainly owing to

monsoonal moisture transport from the south (Mississippi

Embayment) during summer [in general agreement with

the high-resolution study by Sewall and Sloan (2006)]. A

continental record from the Spanish Pyrenees shows

evidence for strong increases in seasonal rain at the

PETM (Schmitz and Pujalte 2007). Enhanced moisture

transport from the Tethys seems to have played a ma-

jor role at this time, especially during the summer

months, as also indicated in our simulations, with growing

FIG. 5. Zonally averaged (50-yr mean) (a) precipitation (mm day21) and (b) evaporation minus precipitation (mm day21) for the present

day (solid), 43CO2 PETM (long dashed), 83CO2 PETM (short dashed), and 163CO2 PETM (dashed–dotted).
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precipitation values for increasing CO2 forcing (Figs. 6

and 7).

Note that both precipitation and evaporation increase

with an increase in the CO2 radiative forcing (Fig. 5b).

Higher precipitation and lower sea surface salinity values

for high latitudes in the Northern Hemisphere are con-

sistent with findings by Pagani et al. (2006a) and Sluijs

et al. (2008a), who inferred increased weathering due to

increased precipitation and low salinities from isotopic

measurements as well as from dinoflagellate cyst as-

semblages in the Arctic. For the southern high latitudes,

a simulated increase in precipitation is confirmed by

clay-mineral indicators from the Antarctic continent,

pointing toward humid conditions at the PETM (Robert

and Kennett 1994). The enhanced precipitation at high

latitudes is consistent with patterns simulated for future

climate scenarios (e.g., Cubasch et al. 2001; Meehl et al.

2006; Mikolajewicz et al. 2007).

Seasonal variability in the PETM simulations is par-

ticularly high in the Indian Ocean in response to the

paleogeography (Figs. 6b,c). Land–sea circulation is am-

plified by the PETM position of the Indian subcontinent

between Africa and Asia. The proto-Himalaya (prior to

the collision of India with Asia) is of low elevation so

that the monsoonal circulation for the PETM is weaker

than for the present day. Evidence from paleoproxies

and modeling studies indicates that the variability and

magnitude of the Indian monsoon intensified significantly

with the uplift of the Himalayas, in particular during the

FIG. 6. Precipitation (mm day21) for the 83CO2 PETM exper-

iment (50-yr mean): (a) annual average, (b) NH winter (DJF), and

(c) NH summer (JJA).

FIG. 7. Difference in 50-yr mean annual precipitation (mm day21)

(a) between the 83CO2 and 43CO2 and (b) between the 163CO2

and 83CO2 PETM experiments.
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accelerated increase in height about 10 to 8 million years

ago (e.g., Ruddiman and Kutzbach 1989; Kutzbach et al.

1993; An et al. 2001). Over southern subtropical East

Africa, the seasonal precipitation in the 83CO2 experi-

ment changes from ,1 mm day21 during the South-

ern Hemisphere winter [June–August (JJA)] up to

10 mm day21 during the Southern Hemisphere summer

[December–February (DJF)]. Figure 7 shows that with

an increase in CO2, precipitation in this area increases.

Analysis of precipitation patterns provides insights

into potential terrestrial carbon sources and sinks. For

example, an increase in methane fluxes from wetlands in

England has been proposed for the PETM (Pancost et al.

2007), which is in agreement with simulated increasingly

wet conditions at this location (from ;6 mm day21 for

43CO2 to ;7 mm day21 for 163CO2) with higher at-

mospheric CO2 values (Figs. 6 and 7). Nutrient and

carbon cycles of subtropical savannas in Africa, South

America, and Southeast Asia are controlled by water

availability (Wang et al. 2009). Thus, high precipitation

during hot summer months and biomass burning through

wildfires during dry winter months at the PETM could

have provided a significant carbon release to the atmo-

sphere (Fig. 7).

d. Surface winds

The simulated PETM atmospheric circulation is char-

acterized by slightly weaker than present-day trade winds

in response to a weaker than present-day Hadley cell

(Figs. 8 and 9), consistent with the future-climate-change

studies by Vecchi and Soden (2007). The trade winds

from the 43CO2 run to the 163CO2 run decrease with

an increase in greenhouse gases. The poleward shift in

subpolar low pressure systems relative to the present-

day run is also comparable with future climate scenarios

(see Meehl et al. 2006). PETM and present-day North-

ern Hemisphere westerlies are comparable in strength,

but Southern Hemisphere westerlies are significantly

weaker than for present-day (Figs. 8 and 9), related to

a lower meridional temperature gradient with an ice-

free Antarctic region. Moreover, increased friction due

to a narrow Drake Passage and a more southward posi-

tion of Australia contribute to reduced PETM Southern

Hemisphere westerlies. A significant seasonal variability

(Fig. 9) in surface winds is simulated over the Atlantic and

Indian Ocean. During Northern Hemisphere wintertime,

a high pressure system over the Tethys and Southeast

Asia contributes to strong northeast winds over Africa. In

the Northern Hemisphere summer, with a northward shift

of the ITCZ, warm moist air from the Tethys contributes

to strong convective activity over North Africa. The high

precipitation over Southeast Asia is related to moisture

transport from the tropical Pacific and Indian Ocean.

e. Changes in the jet stream

The tropospheric jet stream and the baroclinic wave

activity are strongest during the PETM winter (Fig. 10)

when the equator-to-pole gradient reaches its maxi-

mum. In comparison to the modern climate, the core of

the subtropical jet stream shifts upward from ;12 km

height by ;1 km because of an increase in temperature

in the troposphere. In the Northern Hemisphere, the

core of the jet stream shifts ;28 poleward, consistent

with the slight poleward shift of the trade winds (Fig. 8).

The poleward shift of the jet stream in a hothouse world

is also in agreement with evidence of recent climate

change, indicating that the tropics have already expanded

poleward during 1979–2005 (Seidel et al. 2008).

Results from modeling studies (see section 3c) suggest

that mountain uplift such as the formation of the Hima-

layas affects the jet stream and the global climate. The

increase in the PETM subtropical jet stream intensity

relative to the present day owing to an increase in the

temperature gradient is partially compensated by lower

altitudes of mountain chains over Asia and North Amer-

ica. In the Southern Hemisphere, the PETM jet stream

north of Australia is stronger than at present because of

the more polar location of the PETM Australian conti-

nent. With increasing atmospheric CO2 concentrations,

the jet stream over the PETM Atlantic intensifies slightly,

related to a greater land-to-sea temperature gradient.

The stratospheric radiative cooling (section 3b) leads

to significantly lower polar pressures and an enhanced

FIG. 8. Meridional profiles of the 50-yr mean zonal wind stress

component over the ocean (Pa) for present day (solid), 43CO2

PETM (long dashed), 83CO2 PETM (short dashed), and 163CO2

PETM (dashed–dotted).
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lower stratospheric jet stream that merges with the up-

per stratospheric jet stream.

4. Results from PETM simulations (ocean)

a. Sea surface temperature and surface currents

Simulated 83CO2 PETM global annual mean sea

surface temperatures are 24.68C (Table 1), with temper-

atures reaching as high as ;328–358C in tropical waters in

the Indian Ocean, the Atlantic, and the western Pacific

(Fig. 11a). Mean sea surface temperatures for the

43CO2 and 163CO2 PETM simulations are 1.98C

cooler and 2.58C warmer, respectively, in response to the

differences in CO2 radiative forcing (Table 1). Simu-

lated temperatures of the 83CO2 and the 163CO2 ex-

periments fall within the range of tropical sea surface

temperatures inferred from data in Tanzania (Table 2),

using the TEX86 proxy and d18O, which are 308–348C

(Pearson et al. 2007). These temperature estimates might

even be several degrees too low, according to a corrected

calibration of the TEX86 proxy for temperatures above

308C (Kim et al. 2008). In the tropical and subtropical

North Pacific, PETM temperatures of 328–358C are in-

dicated by planktonic foraminifera (ODP 865 and 1209,

Fig. 1 and Table 2; Tripati and Elderfield 2005). Both of

the 83CO2 and 163CO2 experiments match the esti-

mates in the eastern part of the tropical Pacific (ODP 865,

Fig. 1 and Table 2), which exhibits lower than zonal av-

erage surface temperatures due to strong Ekman-induced

equatorial upwelling by trade winds (Figs. 9 and 12a).

For the subtropical North Pacific location (ODP 1209,

Fig. 1 and Table 2), results from the 83CO2 experiment

lie ;58–78C below the data-inferred temperature. This

bias is reduced by ;2.58C in the 163CO2 experiment.

The simulated east–west gradient in temperature is sim-

ilar to the one in the present-day simulation, which agrees

with observational data from Reynolds and Smith (1994)

in the central Pacific (Yeager et al. 2006).

For the 83CO2 and 163CO2 simulations, tempera-

tures .348C are simulated in the western equatorial

FIG. 9. The 990-hPa wind (vectors; m s21) and surface pressure (50-yr mean) (hPa) for the 83CO2 PETM experiment NH (a) winter

(DJF) and (b) summer (JJA) and for the present-day experiment NH (c) winter (DJF) and (d) summer (JJA).
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Pacific (similar to the present-day warm pool) and in the

equatorial Indian Ocean. These areas are characterized

by a highly stratified warm lens. Higher than average

ocean temperatures in midlatitudes are associated with

western boundary currents, up to 28C warmer at 308N

in the western PETM North Pacific and at 308S in Mo-

zambique Strait. In the northwest Pacific, a change in

wind stress and precipitation patterns (Fig. 7a) from

43CO2 to 83CO2 and the associated change in latent

heat flux cause a shift in air and sea surface temperature

(Figs. 4c and 11b), salinity (Fig. 13b), and the mixed

layer depth (Fig. 16b), thereby reducing the formation of

saline and warm intermediate-water masses in the PETM

North Pacific (Fig. 18c). In the 163CO2 experiment,

the midlatitude land–sea temperature gradient contrast

near the east coast of Asia (Fig. 4b), and thus the di-

rection and intensity of near-shore winds and the west-

ern boundary current, are comparable to the 83CO2

experiment (Fig. 11c). The simulated North Pacific cir-

culation for 83CO2 consists of three gyres (Fig. 12).

Counterclockwise surface winds in the PETM North

Pacific low drive the subpolar gyre centered around

608N (Figs. 9 and 12b). The pressure gradient between

the PETM North Pacific low and the subtropical high is

about 10 hPa higher than in the present-day simulation,

resulting in an anticyclonic (clockwise) subtropical gyre

FIG. 10. Climatological 50-yr mean zonal wind speed: Winter (DJF) in the NH for (a) the PETM 83CO2 experiment and (b) the present

day, and winter (JJA) in the SH for (c) the PETM 83CO2 experiment and (d) the present day. Contour interval is 10 m s21. The zero

contour line is bold; positive contour values indicate westerlies and negative values indicate easterlies.
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;10 Sv (Sv [ 106 m3 s21) stronger than in the present

day, with a maximum transport of about 60 Sv.

Remarkable differences in the wind field between the

PETM 83CO2 and the present-day simulation are dis-

played in Fig. 9. The narrow Atlantic and the Tethys

favor a more southward location of the Atlantic high

pressure system, shifting the simulated PETM North At-

lantic Current ;108 more equatorward than at present.

The narrow PETM northern North Atlantic is charac-

terized by a cyclonic gyre (20 Sv, Fig. 12b) with a

southward-directed cool polar current flowing to a lati-

tude ;408N along the North American east coast. Sim-

ulated summer temperatures in the 83CO2 scenario

of ;298C (;48C above the annual mean) are under-

estimated by ;48C compared to the TEX86 proxy-

inferred coastal temperatures of ;338C at Wilson Lake

(Zachos et al. 2006; Fig. 1 and Table 2). Summer tem-

peratures from the 163CO2 PETM scenario agree rea-

sonably well with these paleotemperature estimates

(Table 2).

Simulated high-latitude temperatures for the 83CO2

experiment near Antarctica are in the range from 118

to 158C (Fig. 11a). Early Eocene shelf temperatures

from Seymour Island off the Antarctic Peninsula, de-

duced from d18O values, lie between 68 and 188C (Fig. 1

and Table 2; Ivany et al. 2008). Temperatures for the

FIG. 11. Annual 50-yr mean sea surface temperature (8C) and

horizontal velocities (vectors, cm s21) for (a) the 83CO2 PETM

experiment and the difference (b) between the 83CO2 and 43CO2

and (c) between the 163CO2 and 83CO2 experiments.

FIG. 12. (a) Annual vertical velocity (50-yr mean) (1026 m s21)

and (b) barotropic streamfunction (in Sv) for the 83CO2 PETM

experiment.
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43CO2, 83CO2, and 163CO2 experiments are in agree-

ment with this data range (Table 2). TEX86 reconstruc-

tions by Sluijs et al. (2006, 2008a) from the Lomonosov

Ridge in the Arctic Ocean, as well as reconstructions

by Weijers et al. (2007), point to temperatures peaking

at 238C at the PETM (Fig. 1), whereas annual mean

temperatures at this location amount to 38C in the

83CO2 and 78C in the 163CO2 scenario (Table 2). If the

data are skewed toward summer temperatures (Sluijs

et al. 2006), the model 2 data error reduces to 128C for

the 163CO2 scenario. Uncertainties in the paleoloca-

tion may also contribute to the bias. For example, a lo-

cality closer to shore would reduce the model 2 data

differences since the modeled temperature gradient in

this area is very strong. The early Eocene TEX86-inferred

temperatures of 308–378C from the Waipara River in

New Zealand, Fig. 1 (Hollis et al. 2009), might also

be biased toward summer temperatures and/or repre-

sent a localized phenomenon. Our modeled mean an-

nual temperature in this area is ;148C for the 83CO2

simulation (Fig. 11a and Table 2), in agreement with

the model results (by Huber) shown in Hollis et al.

(2009). For the 163CO2 simulation, annual mean tem-

perature is predicted to be ;38C warmer than for the

83CO2 simulation. Summer temperature values for these

two experiments amount to ;198C and ;218C, re-

spectively.

Around Antarctica, sea surface temperature warms

by 28–48C with a quadrupling of the atmospheric CO2

concentration (from 43CO2 to 163CO2). This tendency

of high-latitude warming is in general agreement with

the high-latitude warming predicted for the future

(Solomon et al. 2007). The barotropic streamfunction in

the Southern Ocean is substantially weaker than in the

present-day simulation due to a smaller than present-day

temperature contrast (Fig. 3a) and wind stress (Fig. 8)

related to the absence of an Antarctic ice sheet during

the PETM as well as differences in the geography (a very

narrow and shallow Drake Passage and more southward

location of Australia). The narrow Drake Passage favors

a northward-directed transport of polar water masses

along the west coast of South America. The East Austral

Current extension (Tilburg et al. 2001) is reversed in

direction as part of a clockwise polar gyre east of proto-

Australia during the PETM.

b. Sea ice

In the 43CO2 experiment, the annual average cov-

erage of the ocean surface by sea ice is 3.6%, and sea ice

coverage in the Arctic exists during the Northern Hemi-

sphere winter only. In the 83CO2 simulation, sea ice is

negligible (,0.05%). No sea ice at all appears in the

163CO2 scenario (Table 1) owing to an increase in high-

latitude surface temperature with an increase in CO2

radiative forcing (Figs. 4c,d). Sea ice has been inferred

from ice-rafted debris for the middle Eocene, but not for

the early Eocene (Moran et al. 2006; St. John 2008);

particularly at the PETM, evidence from sediments

suggests that the Arctic was ice free (Sluijs et al. 2006).

FIG. 13. Annual sea surface salinity (50-yr mean) (psu) for (a) the

83CO2 PETM experiment and the difference (b) between the

83CO2 and 43CO2 and (c) between the 163CO2 and 83CO2

PETM experiments.
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c. Salinity

Predictions of PETM surface salinity reflect the pre-

cipitation minus evaporation and freshwater entrain-

ment from marginal seas and from rivers (Fig. 13). High

salinities are simulated near subtropical high pressure

systems in the Pacific and in high evaporation regions

(Fig. 5b). An increase in sea surface temperature with

an increase in CO2 radiative forcing leads to elevated

evaporative flux and a corresponding increase in the

salinity (Figs. 13b,c). Low salinity surface conditions with

S , 30 psu in the 83CO2 experiment (Fig. 13) are pre-

dicted for coastal areas south of the Turgay Strait in

response to the high freshwater surplus arising from the

Arctic marginal sea parameterization. Paleoproxies sup-

port a potentially low saline outflow from the relatively

fresh PETM Arctic (section 3d). The surface salinity in

the northeastern Tethys decreases in response to an in-

creased high-latitude precipitation (Fig. 5a). The tendency

of an increase in Arctic freshwater input with increasing

atmospheric CO2 leads to a corresponding decrease in

the eastern Tethys salinity (Figs. 13b,c). Higher precipi-

tation in the northern Indian Ocean region in a high-

CO2 world contributes to a significant freshening of the

water masses, consistent with the increase in freshwater

runoff into the Arctic inferred from a peak in Apecto-

dinium (Crouch 2001; Pagani et al. 2006a) (section 3c).

d. Global overturning circulation
and mixed layer depth

The running 5-yr mean smoothed sea surface temper-

ature, deep-sea temperature, and global maximum me-

ridional overturning circulation (MOC) for the PETM

experiments are shown in Fig. 14. The sea surface tem-

perature adjusts fairly quickly and equilibrates into the

new state within ;200 years. The deep-sea adjustment

in temperature is more sluggish with a small drift of

,0.018C century21 for the 83CO2 run and ;0.18C

century21 for the 43CO2 and 163CO2 simulations. The

global deep-sea circulation in the PETM 83CO2 ex-

periment is more sluggish than at present, Fig. 15 [for a

detailed description of the present-day MOC see Yeager

et al. (2006); Bryan et al. (2006)] owing to an enhanced

vertical stratification related to warmer and fresher sur-

face conditions at high latitudes (Figs. 15a,b). The very

narrow and shallow Drake Passage and a more south-

ward position of Australia during the PETM also con-

tribute to a weaker circulation by obstructing the

circumpolar flow of water masses. In the PETM Pacific,

mixed layer depths .200 m (Fig. 16) are located in the

Bering Sea and southeast of Australia. These areas of

strong vertical mixing are sources of intermediate-water

masses (Fig. 15c). In contrast to the present-day simu-

lation, the PETM Atlantic (Fig. 15e) is stratified with

no deep-water formation in the Northern Hemisphere,

mostly because of the climatic influence of the surround-

ing continents (Figs. 11 and 13). Midocean ridges in the

narrow juvenile Atlantic result in shallow water depth

in the tropics, thus blocking the northward flow of deep-

water masses below ;2000 m across the equator. The

Southern Ocean overturning circulation cell is substan-

tially reduced, related to the changes listed above and

a lower than present-day meridional temperature gra-

dient. High variability in the 43CO2 experiment (Fig.

14a) is linked to a deep maximum mixed layer depth by

winter mixing in the North Pacific (Fig. 16b) and slightly

declines over time in response to the adjustment of the

deeper layers. With an increase of the atmospheric CO2

from 83CO2 to 163CO2, high-latitude stratification in-

creases significantly in response to a decrease in surface

salinity and increase in surface temperature. The asso-

ciated reduction in the mixed layer depth (Figs. 16a,c)

south of New Zealand near Antarctica results in a re-

duction of the Southern Ocean overturning circulation

cell by 3 Sv (Fig. 14d), thus enhancing climate sensitivity,

whereas the already sluggish Northern Hemisphere deep

water does not change significantly in strength (Figs. 14c

and 16c).

Freshwater exchange through seaways other than

Turgay Strait would also have influenced the climate. For

example, freshwater input from the Arctic into the North

Pacific would have produced an increase in the strati-

fication and led to a weakening of the North Pacific

Intermediate-Water masses by 2.5 Sv at 308N, and a

comparable increase in the Pacific deep-sea circulation.

The heat transport in the North Pacific is reduced by

;0.2 PW when freshwater from the Arctic is added to

the Pacific instead of the Indian Ocean (for details see

Cope 2009).

e. Poleward ocean heat transport

The 20-yr-mean global northward heat transport is

shown in Fig. 17, reflecting changes in the meridional sea

surface temperature gradient and in the overturning cir-

culation under the assumption of near-incompressibility

of ocean water masses. It is remarkable that the range

in the present-day observations exceeds the PETM 2

present-day differences. The difficulties associated with

the estimate of the heat transport from observations in-

clude, for example, limitation of data to certain regions,

a low amount of available data, and problems associated

with quasi-stationary eddies. On the other hand, the esti-

mates from model simulations depend on the model pa-

rameterizations (e.g., subgrid-scale eddies). As shown in

Figs. 15 and 17, the heat transport in the PETM scenarios

diminishes with a less vigorous meridional overturning
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circulation in response to the increased CO2 radiative

forcing. A significant reduction in the heat transport is

particularly evident for the 163CO2 run, characterized

by a weaker overturning circulation (relative to 83CO2,

Fig. 14) and a reduced temperature gradient with an

increased recirculation in the northern tropical gyre

(Fig. 11c). For the 43CO2 and 83CO2 experiments, the

heat transport in the Southern Hemisphere is stronger

than at the present day, whereas in the extratropical

Northern Hemisphere region it is diminished for the

83CO2 and 163CO2 simulations. A more symmetric

appearance of the PETM poleward heat transport re-

flects the larger than present-day Pacific Ocean and

smaller than present-day Atlantic Ocean.

f. Deep-sea temperatures

The Pacific vertical temperature distribution for the

83CO2 PETM simulation exhibits a strong vertical

stratification in the subtropics and tropics. Equatorial

water is separated from a well-mixed and homogeneous

surface layer by a strong (and shallow relative to the

FIG. 14. (a) Time series of the global SST (8C), (b) global potential temperature at 4000-m depth (8C), and

meridional overturning circulation (Sv) below 500 m in the (c) NH and (d) SH for 43CO2 PETM (blue), 83CO2

PETM (black), and 163CO2 PETM (red). Time series smoothed with 5-yr running mean.
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subtropics) thermocline (Fig. 18a). Seasonal ventilation

in northern and southern high latitudes (Figs. 15 and 16)

is reflected in relatively cool temperatures of ;98C in

the deep sea. In contrast to the present day, the PETM

Atlantic in the 83CO2 simulation is ventilated around

408–508S. Similar to the present-day Pacific, the North

Atlantic is stratified and the strong vertical temperature

gradient suppresses convective overturning (Fig. 18b).

Differences between the 83CO2 and 43CO2 sim-

ulations in the Pacific exhibit increased stratification

FIG. 15. Global Eulerian meridional overturning circulation (50-yr mean) (Sv) for (a) the 83CO2 PETM experiment and (b) the

present-day experiment. (c)–(f) As in (a),(b), but (c),(d) for the Pacific and (e),(f) for the Atlantic.
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and warm deep-sea temperature anomalies of ;2.58C

(Fig. 18c; section 4a).

A remarkable increase in stratification with an increase

in intermediate-water mass temperatures of .3.758C for

the 83CO2 experiment relative to the 43CO2 experi-

ment is simulated in the North Atlantic (Fig. 18d). The

warm and saline water masses (;0.2 psu higher in sa-

linity than in the 43CO2 experiment) originate from the

Gulf of Mexico region and are mixed via the eastern

North Atlantic into intermediate layers. Such a warming

could correspond to a pre-PETM warming signal, as in-

ferred from the Wilson Lake record (Sluijs et al. 2007a).

A further high-latitude warming (for the 163CO2 ex-

periment relative to the 83CO2 experiment) of .3.58C

is simulated for intermediate-water masses poleward of

308N and .308S in the Pacific owing to an increase in

stratification by an increase in buoyancy fluxes (sections

4a and 4b).

Deep-sea model 2 data differences are given in Table 3.

The closest match to the observations is simulated with

163CO2 PETM. A general bias of ;28C is simulated for

the tropical and subtropical sites, whereas significant

discrepancies are evident for the Southern Ocean, in

particular for the Waipara River location (New Zealand).

5. Comparison with previous model studies

A direct comparison with previous modeling studies is

difficult because of the differences in initial conditions,

model components, and boundary conditions. Details of

model improvements of CCSM3 as applied in this study

FIG. 16. Maximum mixed layer depth (m) for (a) the 83CO2

PETM experiment and the difference (b) between the 83CO2

and 43CO2 and (c) between the 163CO2 and the 83CO2 PETM

experiments (c).

FIG. 17. Northward ocean heat transport (50-yr mean) (PW) for

the present day (solid), 43CO2 PETM (long dashed), 83CO2

PETM (short dashed), and 163CO2 PETM (dashed–dotted).

For comparison, results from inverse estimates (Macdonald and

Wunsch 1996; Ganachaud and Wunsch 2003) and hydrographic

observations (Bryden et al. 1991; Lavin et al. 1998) are shown.
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are given in Kiehl and Gent (2004) and Collins et al.

(2006a).

Many of the previous PETM climate simulations have

used an atmospheric general circulation model (AGCM)

with a mixed layer parameterized in the form of a slab

ocean (e.g., Sloan and Rea 1996; Huber and Sloan 2001;

Shellito et al. 2003). As described in Shellito et al.

(2003), the HiCO2 case (with an atmospheric pCO2 of

2000 ppmv, corresponding to 7.14 3 preindustrial atmo-

spheric pCO2) simulates coastal temperatures that were

above freezing. The freezing temperature in the Shellito

et al. (2003) HiCO2 case occurs at ;808N, whereas our

83CO2 simulation predicts ice-free poles with annual

average temperatures of 28–48C. These model 2 model

FIG. 18. Vertical sections of the potential temperature (50-yr mean): 83CO2 PETM for (a) the Pacific and (b) the Atlantic Ocean and

differences between the 83CO2 and 43CO2 PETM experiments for the (c) Pacific and (d) Atlantic Ocean and between the 163CO2 and

83CO2 PETM experiments for the (e) Pacific and (f) Atlantic Ocean.
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differences are potentially related to the underestimated

prescribed Southern Hemisphere ocean heat transport

in the uncoupled model.

A higher response of the ocean heat transport to tem-

perature gradients has been simulated with the GFDL

Modular Ocean Model version 1.0 forced one-way with

an output from an AGCM (e.g., Bice et al. 2000). The

approach yielded a far more vigorous ocean heat trans-

port than predicted by the AGCM alone and by the

CCSM3 (this study). The different response appears to

be related to the one-way forcing of the OGCM, missing

interactive feedbacks between the atmosphere and the

ocean.

A previous coupled CCSM1 23CO2 Eocene run,

performed by Huber and Sloan (2001), predicted warmer

than present-day temperatures in the tropics (38C) and

high latitudes (58C), but the slightly lower than present-

day pole-to-equator temperature gradient was still sig-

nificantly higher than the one reconstructed from the

temperature proxies.

6. Summary and conclusions

In this paper, the sensitivity of the simulated PETM

climate to greenhouse gas forcing has been investigated

with the comprehensive climate model CCSM3 with the

goals of determining the effect of a change in green-

house forcing on the formation of intermediate-water

masses and whether CCSM3 produces a better match

with proxies than previous modeling studies. In sum-

mary, the increase in greenhouse gas concentrations

leads to a significant increase in stratification of the deep

sea in the world’s oceans and a shift in the intermediate-

water masses. An externally triggered atmospheric CO2

concentration increase from 4 3 to 8 3 the preindustrial

value (e.g., volcanism-induced, Svensen et al. 2004; Storey

et al. 2007; Sluijs et al. 2007a) might have favored warmer

and more saline subtropical water masses originating

near the Gulf of Mexico, one of the large present-day

reservoirs of methane hydrates. The stability of gas hy-

drates predominantly depends on pressure, tempera-

ture, salinity, and gas composition. Suitable conditions

for methane hydrates, depending on the water temper-

ature, occur at water depths of ;250–3000 m along the

slope and continental rise (see Fig. 1 in Dickens et al.

1995). The simulated temperature increase of ;48C (from

;118 to ;158C) in the intermediate-water masses in the

North Atlantic from the 43CO2 to the 83CO2 PETM

simulations would have lowered the depth of methane

hydrate stability from ;900 to ;1400 m and hence could

have led to a massive methane hydrate release into the

atmosphere–ocean system.

The climatic conditions generated before the PETM

might also have led to an enhanced greenhouse gas input

from land reservoirs. Recent carbon isotope excursion

data from Tanzania imply the release of larger quantities

of 13C-depleted carbon than inferred from many pre-

vious marine sedimentary records, but the exact amount

of carbon addition, as well as its sources, remains con-

troversial (see Handley et al. 2008, and discussion herein).

The model improvements in CCSM3 have reduced

the bias between the predicted and reconstructed tem-

peratures for the PETM. The most extreme simulation,

with 16 3 the preindustrial atmospheric CO2 concen-

tration, yields a closer match to the reconstructed tem-

perature and precipitation proxies, with average tropical

temperatures of 348C and average temperatures above

freezing (68–88C) at the poles, than the 83CO2 and

43CO2 simulations. However, a relatively high bias

between simulated and data-inferred temperatures re-

mains for some high-latitude locations and all deep-sea

locations (with a bias between data and the 163CO2

experiment ranging from 0.38C in the tropics to 58C in

the high latitudes). Possible reasons for model 2 data

biases at high latitudes during hothouse climates and

the resulting deep-sea temperature discrepancies have

been discussed in several papers (see Washington and

Parkinson 2005 and references therein). Many impor-

tant processes are still missing in this climate sim-

ulation, for example the consideration of feedbacks with

the atmospheric chemistry [e.g., volatile organic car-

bons, dimethylsulfide, and methane (Beerling et al.

2007; Lamarque et al. 2007) or methane oxidation in the

atmosphere and its effect on stratospheric water vapor

TABLE 3. Intermediate depth and deep-sea temperatures from data and modeled temperatures (annual average) for some of the

locations shown in Fig. 1 (Zachos et al. 2004; Bralower et al. 2006; and references from Fig. 1). Paleolocations have been calculated using

the PointTracker software by C. Scotese.

Name Paleolocation Paleodepth (m) Data (8C) Age 43CO2 (8C) 83CO2 (8C) 163CO2 (8C)

DSDP 277 ;60.68S, 170.78W Seafloor ;15 ;51 Ma 6.4 8.7 9.7

Waipara River ;52.18S, 160.88W Intermediate 19–24 ;51 Ma 6.9–7.5 9.1–9.5 11.2–11.5

ODP 690 ;65.78S, 7.28W ;2100 14–18 PETM 6.6 9.3 11.3

DSDP 74 ;34.88S, 10.58W ;3100–3400 14–15 PETM 6.6 9.2 10.6

ODP 865 ;8.38N, 151.48W ;1300 13–17 PETM 8.0 10.4 12.7

ODP 1209 ;23.68N, 171.18W ;2400 13–21 PETM 7.3 9.4 11.2
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(Schmidt and Schindell 2003)] or interactive vegetation.

Changes in high-latitude tropospheric cloud condensa-

tion nuclei could also contribute to significant warming

in the high latitudes, as demonstrated by Kump and

Pollard (2008) for the Cretaceous. Other mechanisms

commonly invoked as possible contributors to increased

warming at high latitudes are polar stratospheric clouds

(Sloan and Pollard 1998; Kirk-Davidoff et al. 2002) or

intensified tropical cyclone activity (Korty et al. 2008).

Using more extreme orbital settings in the simulations,

Fig. 2 (see also Sloan and Huber 2001) might also in-

crease summer surface temperatures in the high latitudes.

Changes in orbital parameters are thought to act as one

of the possible triggering mechanisms for hydrothermal

events such as the ELMO event two million years after

the PETM but with similar geochemical characteristics

(Lourens et al. 2005).

It would be desirable to include the aforementioned

improved model parameterizations into future higher-

resolved simulations in order to simulate the past cli-

mate and climate variability in greater detail.
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